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ABSTRACT: Hematite coatings are common on vertebrate fossils from
Paleocene/Eocene paleosol deposits in the Bighorn Basin, Wyoming. In
general, hematite coatings are found only on fossils and are limited to
soils exhibiting hydromorphic features and moderate maturity. Pet-
rographic and isotopic evidence suggests that hematite and micritic
calcite formed at nearly the same time in a pedogenic environment,
whereas sparry calcite formed later at greater burial depths. The par-
ent material of paleosols is rich in iron, supplying an ample source of
iron for hematite formation. Decomposition of animal tissues around
bones may enhance the weathering of iron-bearing minerals in soils
surrounding carcasses, while the bones might provide favorable sites
for iron accumulation. The predominance of discrete smectite, together
with regional geothermal history, suggests that burial temperatures
have not exceeded 708C. Hematite coatings on fossils can serve as a
substrate for geochemical analysis in continental paleoclimatic re-
search, owing to their pedogenic origin, abundance, and resistance to
diagenetic alteration.

INTRODUCTION

Calcite, iron oxides, and manganese oxides often occur as coatings on
the surfaces of fossil vertebrates. Encrustation is often so pervasive that
details of bone and tooth morphology are obscured. Many vertebrate fossils
from Cretaceous, Paleocene, Eocene, and Oligocene sediments in North
America have iron oxide coatings (H. Bao, personal observation). Some
examples are early and middle Paleocene fossils from New Mexico, Col-
orado, and Utah; Eocene fossils from the San Jose Formation, New Mexico;
and early Oligocene fossils from the Brule Formation, South Dakota. The
heaviest iron oxide coatings are on fossils from the late Paleocene and
early Eocene paleosols of the Willwood Formation, Bighorn Basin, Wyo-
ming, which are the focus of this study (Fig. 1). Here, we examine the
genesis of Bighorn Basin hematite (a-Fe2O3) coatings in order to assess
their suitability as substrates for geochemical analysis and for reconstruc-
tion of continental paleoclimate.

Our investigation of the formation of hematite coatings has two goals.
First, hematite in paleosols may provide information on Paleocene/Eocene
soil development and climate in the western interior of North America. The
formation of different phases of iron oxides in soils is related to soil and
climatic conditions (Schwertmann 1971, 1985; Schwertmann et al. 1982;
Fitzpatrick and Schwertmann 1982; Fitzpatrick 1988). It is generally ac-
cepted that goethite forms under cool/wet conditions in organic-rich soils,
while hematite forms under warm/dry conditions in organic-poor soils, al-
though the actual conditions of formation may be more complicated
(Schwertmann 1966, 1971, 1985; Wang and Hsu 1980; Schwertmann and
Murad 1983; Schwertmann and Taylor 1989). However, hematite coatings
on fossils differ from more common forms of soil iron oxides, such as iron
oxide nodules and scattered fine crystals in bulk soil matrix, and their
genesis has not been investigated extensively.

Second, oxygen isotope analysis of authigenic soil minerals has been a
powerful tool for reconstruction of continental climates. Most studies, how-
ever, have been restricted to clay minerals and carbonates, particularly soil
calcite and carbonate in biological minerals (Lawrence and Taylor 1972;
Yapp 1979; Goodfriend et al. 1989; Lawrence and Rashkes Meaux 1993;
Quade et al. 1989; Cerling and Quade 1993; Dettman and Lohmann 1993;

Koch et al. 1995; Stern et al. 1995; Liu et al. 1996). Iron oxides have
shown great potential as an alternate source for isotopic study (Yapp 1987,
1993a, 1993b). Before using oxygen isotope composition of iron oxides as
a paleoclimatic indicator, it is crucial to understand how and when these
oxides formed, and what burial conditions they experienced following for-
mation. On the other hand, oxygen isotope data of hematite can be evidence
for formation conditions. However, because of very different analytical
procedures and discrepancies in the literature regarding the hematite–water
fractionation relationship, reporting hematite isotope values is beyond the
scope of this paper.

PALEOCLIMATIC AND GEOLOGICAL BACKGROUND

The Paleocene/Eocene transition has long been a focus in paleoclimatic
research. Marine and land proxies suggest that the late Paleocene to early
Eocene was one of the warmest time intervals in the Cenozoic (Shackleton
and Kennett 1975; Savin 1977; Wolfe 1978, 1994; Miller et al. 1987; Stott
et al. 1990; Wing et al. 1991; Zachos et al. 1993; Markwick 1994). In
continental interior of western North America, paleontological evidence,
such as the presence of palms, crocodiles, and turtles (Wing 1991 and
references therein) suggests a warm climate. Mean annual temperatures
ranging from 10 to 188C have been suggested for the Paleocene/Eocene in
Wyoming, on the basis of leaf physiognomy (Wing et al. 1991; Wing et
al. 1993). Strong annual variations in d18O values of freshwater bivalves
imply that a seasonal change in meteoric water supply occurred in this
region (Dettman and Lohmann 1993).

The Bighorn Basin, northwest Wyoming, is a structural and topographic
basin surrounded by several mountain ranges uplifted (Beartooth, Bighorn,
and Owl Creek ranges) or erupted (Absaroka Range) from late Cretaceous
to middle Eocene time in the Laramide orogeny (Fig. 2). Regional epei-
rogenic uplift of the area began in the late Oligocene or early Miocene,
resulting in the erosion or nondeposition of sediments of Oligocene, Mio-
cene, and younger ages (Bown 1980). Paleocene and Eocene fluvial and
lacustrine deposits (up to 2000 m thick) are extensively exposed throughout
the basin. In the southern and central Bighorn Basin, the stratigraphic po-
sition is measured relative to the base of the Willwood Formation, while
in the northern Bighorn Basin, the stratigraphic position is relative to the
base of the Paleocene Fort Union Formation (Fig. 2).

Paleosols are well developed on overbank and flood-plain deposits, and
their distribution and development have been studied in detail (Van Houten
1944; Bown 1979; Bown and Kraus 1981a, 1987, 1993; Kraus 1987; Kraus
and Bown 1988, 1993; Kraus and Aslan 1993; Bown et al. 1994). The A
horizons of the paleosols are rarely preserved but are characterized by their
deep gray color. B horizons can be divided into an upper B horizon, which
is gray-purple, or pale purple to red, and a lower B horizon, which is lighter
red, orange, or yellow. Paleosols have been assigned to different relative
maturity levels (0–6) on the basis of properties observed in the field, in-
cluding horizonation, profile development and thickness, color, soil-nodule
development, mottling, and the nature of contacts within the profile (Bown
and Kraus 1987). Combined A and upper B horizon thickness is regarded
as one of the most characteristic factors in recognizing maturation stages.

Hydromorphic soils are common in the Willwood Formation. Soil hy-
dromorphy is characterized by mottles (red, yellow-brown, and gray in
color), slickensides, and in some cases, the presence of millimeter-size iron
oxide nodules (Kraus and Aslan 1993). These hydromorphic features sug-
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FIG. 1.—Hematite (purple-red) intimately mixing with pedogenic micrite (light-
gray), or hematite as the dominant mineral occurring as coatings on vertebrate fossils
from the Bighorn Basin, Wyoming. Scale 5 1 cm.

gest that soils experienced alternating wet and dry cycles and associated
alternations in reducing and oxidizing conditions, which resulted in the
mobilization of elements such as Fe, Mn, Ca, and P (Bouma et al. 1990;
Vepraskas and Guertal 1992). Lateral and vertical relationships of Bighorn
Basin paleosols suggest that soil development was often terminated by
episodic, rapid crevasse-splay deposition (Kraus 1987; Kraus and Bown
1988) and that each soil may represent thousands to tens of thousands of
years, depending on its maturity.

Bown (1979) recognized 10 varieties of nodules and concretions from
the Lower Willwood Formation. Soil carbonate nodules are present
throughout the soil profile but are most common near the bottom of the B
horizon. Red-purple hematite coatings with a brilliant-red streak are found
exclusively on fossils. High concentrations of hematite are not observed in
the soil matrix or on other kinds of soil nodules, including calcitic or
apatitic nodules. Calcite is also present as overgrowths on fossils, and he-
matite and calcite coatings are intimately mixed. As reported by Bown
(1979), concretions with deep purple iron oxide are ‘‘almost entirely re-
stricted to gray mudstone and nearly always associated with fossil verte-
brate remains’’. Bown and Kraus (1981a, 1981b) reported that most large
concentrations of vertebrate fossils in the Willwood Formation in the south-
ern and central Bighorn Basin are in widespread, tabular, thin (2 cm to 1
m) greenish- and bluish-gray mudstones that are consistently above mottled
purple-and-orange mudstones. The gray mudstone was described as Class
A gray mudstone and was thought to be relicts of the A horizons of ancient

soils (Bown 1979; Bown and Kraus 1981a, 1981b). The restriction of he-
matite-coated fossils to gray mudstone strongly suggests that hematite
formed in close association with soil processes.

Hematite-coated vertebrate fossils are common in the 120–580 m level
in the southern and central Bighorn Basin, and in the 1100–1850 m level
in the northern Bighorn Basin, but are encountered only sporadically out-
side of these intervals (Fig. 2). There is an ; 0.7 m.y. overlap in the very
early Eocene among hematite samples from different parts of the basin.
This restricted occurrence of hematite coatings may be related to temporal
differences in soil maturity and hydromorphy (Bown et al. 1994). For ex-
ample, in the southern Bighorn Basin, highly mature soils in the lower
Willwood Formation (0–100 m), indicating low rates of sedimentation, are
followed by moderately mature soils in the next several hundred meters
(Bown and Kraus 1993). Hematite coatings are abundant in the moderately
mature soils, but are relatively rare below the 100 m level, where soils
developed over a considerable length of time. Overall, the association of
hematite coatings with variations in paleosol conditions can be viewed as
evidence of their pedogenic origin.

Goethite (a-FeOOH) nodules (with diameters of 0.1–5 mm) are found
in some soil horizons, especially in the Elk Creek area of the Bighorn Basin
(Kraus and Aslan 1993). We also found lepidocrocite (g-FeOOH) in the
center of one type of carbonate–hydroxylapatite nodule. The overall dis-
tribution of these iron oxide nodules in the basin is not well known. The
presence of different phases of soil iron oxides indicates that different mi-
cro-environments may be responsible for their formation.

METHODS

Twenty-one polished thin sections were prepared from 16 calcite/he-
matite-coated fossil fragments from different stratigraphic levels in the
southern and northern Bighorn Basin (Table 1). Thin sections of four soil
carbonate nodules ranging from ; 250 to 500 m in the southern Bighorn
Basin were also prepared. Petrographic examination included both trans-
mitted and reflected light. Cathodoluminescence (CL) (model CCL 8200
mk3) was used for further determination of mineral overgrowth relation-
ships at approximately 18 kV and 400 mA gun current. Freshly broken
mineral surfaces were examined by scanning electron microscopy (SEM)
(model ISIWB6 at 10 kV) to observe the crystal features of hematite.

Calcite and hematite coatings were drilled from the surfaces of fossils
under a binocular light microscope. Clay minerals were obtained from bulk
soils by gravity sedimentation (Jackson 1969) and also from hematite coat-
ings by selective dissolution of hematite with 5 M HCl at 808C for 30 min.
A magnetic fraction was obtained from one bulk sample of a purple-red
paleosol B horizon (SC303, 2110 m, northern Bighorn Basin) by high-
gradient magnetic separation (HGMS) (Schulze and Dixon 1979).

Clay-mineral compositions from 27 soil horizons and 9 carbonate nod-
ules, covering most of the Paleocene/Eocene stratigraphic levels in the ba-
sin, have been determined by standard methods from air-dried, ethylene-
glycol-solvated, and heated (4508C for 12 hr) preparations (Hepple 1995).
Clay minerals in hematite coatings were also analyzed for drilled powder
and HCl-treated residues. X-ray diffraction (XRD) patterns were obtained
using a Scintag PAD-V u-2u diffractometer with a Cu Ka radiation source
at a scan rate of 18 or 28 2u /min. Identification of smectite/illite mixed-
layer was conducted on 33 clay samples using Moore and Reynolds’ (1989)
method based on D2u between the reflection of 001/002 (near 98 2u) and
002/003 (near 168 2u) of the ethylene-glycol-solvated samples, with 6 5%
error.

The total iron contents and their variations in some paleosol profiles from
the basin have been determined by Kraus and Aslan (1993) by acid diges-
tion. In a study of the oxygen isotope composition of hematite coatings,
we measured the Fe2O3 content of 20 coatings from different stratigraphic
levels in the Bighorn Basin following treatment with 5M NaOH at 958C
to 1008C for 3 hr. Elemental concentration was measured using inductively
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FIG. 2.—Map of the Bighorn Basin (from
Koch et al. 1995), Paleocene/Eocene
stratigraphic levels, North American Land
Mammal Age (LMA), and estimated absolute
ages (based on Wing et al. 1991, Clyde et al.
1994, Tauxe et al. 1994, and Koch et al. 1995)
in both parts of the basin.

coupled plasma–atomic emission spectroscopy (ICP-AES) (Perkin Elmer
6000). The analytical error for duplicates in the wet chemistry procedures
is 6 1%.

Oxygen and carbon isotope compositions were determined for bulk cal-
cite coatings and microsamples of different generations of calcite on fossils.
Bulk calcite coatings were drilled under a binocular microscope, and 2–4
mg samples were used. We analyzed 22 calcite coatings ranging from ;
140 to 550 m in the southern basin and from ; 1090 to 1850 m in the
northern basin (Fig. 2). Microsampling of different generations of calcite
was undertaken from polished thin sections following identification of dif-

ferent generations via light microscopy and cathodoluminescence. Samples
(10–50 mg) were obtained by a computer-controlled microdrill under a
binocular microscope. Drilled areas were examined by transmitted-light
microscopy to ensure that the samples were collected from a single gen-
eration of calcite. Microsamples were obtained from 55 spots on 16 thin
sections from 9 fossil coatings and bones (Table 1), and 10 spots on 3 thin
sections of soil carbonate nodules.

Sample powders were reacted with 100% H3PO4 at 908C. The CO2 gen-
erated by the reaction was purified cryogenically, then transferred to an
isotope-ratio-monitoring mass spectrometer for analysis. Bulk micrite sam-
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TABLE 1.—Oxygen and carbon isotopic data of micrite (M), recrystallized micrite
(RM), drusy spar (D), bone spar (S1), and fracture spar (S2) from fossil coatings

and soil carbonates.

Thin
section

Meter
level
(m)*

Calcite
gener-
ation

d13C
(V-PDB)

d18O
(V-SMOW) Note

D1410-B
D1410-B
D1410-B
D1410-B
D1410-B
D1410-B

410–418
410–418
410–418
410–418
410–418
410–418

S1
S1
S1
S1
M
M

229.4
231.2
225.1
231.1
211.7
211.6

18.1
17.9
18.7
17.7
22.5
22.5

fossil bone
fossil bone
fossil bone
fossil bone
fossil bone
fossil bone

D1410-A
D1410-A
D1410-A
D1410-A
D1410-A

410–418
410–418
410–418
410–418
410–418

S1
S1
S1
S1
M

220.7
226.0
230.8
220.7
211.2

17.5
17.7
17.8
15.9
22.5

fossil bone
fossil bone
fossil bone
fossil bone
fossil bone

D1931-A
D1931-A
D1931-A
D1931-B
D1931-B
D1931-B

315
315
315
315
315
315

M
RM
RM
M
S2
RM

28.9
28.9
28.9
28.9

212.7
29.1

22.6
22.8
22.7
22.5
13.8
21.9

fossil coating
fossil coating
fossil coating
fossil coating
fossil coating
fossil coating

D1374-B
D1374-B
D1374-B
D1374-B
D1374-B
D1374-A
D1374-A

336
336
336
336
336
336
336

S2
RM
RM
S2
S2
S2
RM

212.5
29.0
28.9

211.3
212.3
212.5
28.3

12.7
22.0
22.1
15.5
13.2
13.0
23.1

fossil coating
fossil coating
fossil coating
fossil coating
fossil coating
fossil coating
fossil coating

80H7-8-3-A
80H7-8-3-A
80H7-8-3-A
80H7-8-3-A
80H7-8-3-A
80H7-8-3-A
80H7-8-3-B
80H7-8-3-B
80H7-8-3-B
80H7-8-3-B
80H7-8-3-B

?
?
?
?
?
?
?
?
?
?
?

S2
M
S2
M
S2
M
S2
M
M
M
S2

212.5
210.0
212.5
210.4
212.4
210.3
212.7
210.3
210.4
210.0
212.5

11.8
22.1
11.8
21.4
11.8
22.2
11.7
22.0
21.9
22.1
12.2

fossil coating
fossil coating
fossil coating
fossil coating
fossil coating
fossil coating
fossil coating
fossil coating
fossil coating
fossil coating
fossil coating

D1716-E
D1716-E
D1716-D
D1716-D
D1716-B
D1716-B
D1716-F
D1716-F
D1716-F
D1716-F

397
397
397
397
397
397
397
397
397
397

S2
M
S2
M
M
S2
S2
M
M
S2

212.5
210.9
212.4
210.2
29.3

214.2
211.7
29.5
29.8

211.7

13.0
20.3
13.2
21.8
19.4
11.4
11.6
21.8
22.2
12.4

fossil coating
fossil coating
fossil coating
fossil coating
fossil coating
fossil coating
fossil coating
fossil coating
fossil coating
fossil coating

D1-1
D1-1
D1-2
D1-2
D1-2
SC40
SC40
SC40

0
0
0
0
0

1535 (north)
1535 (north)
1535 (north)

S1
S1
S1
S1
S1
S2
M
M

29.3
29.3
26.3
26.2
26.2

210.2
28.9
29.1

13.8
13.9
18.9
19.0
18.9
17.8
22.4
22.5

fossil bone
fossil bone
fossil bone
fossil bone
fossil bone
fossil coating
fossil coating
fossil coating

SC62
D1493
D1493
D1493
D1493

1380 (north)
344
344
344
344

RM
M
D
D
S2

28.8
211.4
210.0
210.8
211.3

22.4
22.3
23.3
20.4
17.4

fossil bone
calcite nodule

D1389
D1389
D1434
D1434
D1434
D1434

264
264
496
496
496
496

S2
M
S2
M
S2
M

29.9
29.5

211.2
210.5
210.8
210.7

16.6
22.5
11.8
22.4
13.1
22.7

calcite nodule

calcite nodule

* Meter levels refer to the southern and central Bighorn Basin unless otherwise noted.

ples were analyzed using a VG-Optima, and microsamples were analyzed
using a VG-Prism equipped with an ISOCARB automated carbonate de-
vice. Measurements are reported as per mil related to V-PDB for carbon
and V-SMOW for oxygen with precision of 0.1‰.

XRD, ICP-AES, and isotope analyses of bulk calcite coatings were con-
ducted in the Department of Geosciences at Princeton University. CL,
SEM, microsampling, and isotope analysis of different calcite generations

from thin sections were conducted at the Department of Earth Sciences,
University of California, Santa Cruz.

RESULTS

Iron Content and Mineral Composition

The weight percent of Fe2O3 in hematite coatings ranges from 51.7 to
90.4% (x̄ 5 77.9%, 1s 5 8.7%, n 5 20). It should be noted that these
values are higher than the original compositions because a fraction of the
original silicate minerals was dissolved in hot NaOH treatment.

XRD patterns indicate that quartz, smectite, chlorite, and micas are the
major minerals in the clay fraction of bulk soils, along with a broad amor-
phous phase at 10–158 2u. XRD patterns from calcite and hematite coatings
reveal the same suite of minerals as in bulk soil, but with much higher
concentrations of calcite or hematite. Hematite peaks are sharp and no
goethite phase is present. The a dimension of the hematite unit cell, ob-
tained from d(110), suggests no detectable Al substitution in the hematite
lattice (Schwertmann et al. 1979; Singh and Gilkes 1992). The magnetic
fraction obtained from HGMS contains mostly greenish chlorite (probably
clinochlore-1MIIB), which seems to be more concentrated in the . 2 mm
fraction than in the clay fraction. No hematite or goethite peaks are found
in the XRD pattern of the magnetic fraction of the bulk soil.

XRD analysis of 36 paleosol and carbonate nodule samples from across
the basin demonstrates that smectite is the dominant clay mineral, with
minor amounts of illite and kaolinite. Among the three clay minerals, smec-
tite concentration averages 91.3% (1s 5 5.6%), while illite and kaolinite
average 2.4% (1s 5 1.3%) and 6.3% (1s 5 4.9%), respectively. Further
examination for a possible smectite/illite mixed-layered component on 33
of the clay samples shows that 13 samples are pure smectite. All other
samples contain less than 20% illite component (8 samples , 5%, 3 sam-
ples from 5 to 10%, 6 samples from 10 to 15%, and 3 samples from 15
to 20%). The estimation is based on the 82u difference (8D2u) between
001/002 and 002/003 reflections of the ethylene-glycol-solvated XRD pat-
terns (Moore and Reynolds 1989). The detection errors for this method are
generally from 5% to 10%.

Calcite and Hematite Overgrowth Relationships

Both hematite and calcite occur as coatings on bone and tooth surfaces,
as well as in voids inside these materials. Petrographic and cathodolumi-
nescence observations demonstrate that two major forms of calcite are as-
sociated with bones: micritic calcite and sparry calcite. Micrite is dark gray
under transmitted light. It is recrystallized in some regions, but original
fabrics of micrite are typically still visible. Recrystallized micrite is often
as nonluminescent as pristine micrite. One of the distinct microfabrics in
micrite is a fibrous to radial-fibrous structure (Fig. 3). The radial fibrous
structure is common in calcite coatings and is morphologically similar to
Microcodium, a biological structure reported from soil carbonates (Klappa
1978; Freytet and Plaziat 1982; Monger et al. 1991). The spherical struc-
tures bearing radial fabric are 0.1–0.8 mm in diameter and often exist as
large aggregates where the fibrous fabric is sometimes obscured by overlap.
The origin of Microcodium and other fibrous fabrics has been attributed to
calcite microcrystal precipitation within fungal or bacterial mucilaginous
sheaths, thereby retaining the biogenic growth form (Poncet 1976; Klappa
1983; Phillips et al. 1987). The Microcodium-like structures reported here,
however, are closely associated with vertebrate remains, not plant roots as
suggested by Klappa (1978).

Spar associated with hematite and calcite coatings is clean and transpar-
ent. It occurs in two forms: drusy (‘‘dog-tooth’’) spar and equant spar (Fig.
4). Thin layers of drusy spar are occasionally seen growing on the edge of
micrite. Equant spar is the dominant calcite cement filling fractures and
voids. Two types of equant spar are present in terms of their locations (Fig.
5). ‘‘Fracture spar’’ fills large cavities, including cracks in bones, hematite,
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FIG. 3.—Photomicrographs of radial–fibrous fabrics in micrite from fossil coat-
ings. A) Hematite in light color and micritic calcite in gray to dark gray color,
reflected light. Scale 5 0.05 mm (thin section D1374-B). B) Hematite as light-
colored rings and micritic calcite as gray-colored rings on the edge of Microcodium-
like spherical bodies, recrystallized micrite in light color in the center of the bodies;
CL. Scale 5 0.2 mm (thin section SC62).

FIG. 4.—CL photomicrographs of micrite (M), drusy calcite (D), fracture-spar
(S2), and hematite (H), with different luminescence patterns. A) Drusy calcite on
the edge of micrite overgrown by hematite which is itself overgrown by sparry
calcite; fossil coating (thin section D1931-A); B) drusy calcite on the edge of micrite
overgrown by sparry calcite; notice the fuzzy strips (see arrows) in drusy calcite
zones where microsamples have been taken for isotopic analysis; soil carbonate
nodule (thin section D1495). Scale 5 0.1 mm.and carbonate coatings on bone (Figs. 4, 5A). ‘‘Bone spar’’ fills inter-

trabecular spaces, osteons, and the marrow cavity inside bones (Fig. 5B).
Some of the inter-trabecular spaces near the surface of bone can be filled
up by hematite, but hematite coating is thinner or absent in the interiors of
bone. Drusy spar shows a range of luminescence, from nonluminescent to
dull to bright crystals (Fig. 4). Equant spar (including both fracture spar
and bone spar) has a distinct brownish luminescence that is not as bright
as that of typical drusy spar (Fig. 4). Calcite with similar morphologies
and luminescence are found in Bighorn Basin soil carbonate nodules as
well (Fig. 4B).

Hematite is found mixed with calcite and bone fragments both outside
and inside bones (Fig. 1), and as thin coatings on micrite, bone, and drusy
spar (Figs. 4A, 5). Different generations of hematite have not been ob-
served. Fragments of bone apatite are common in the hematite matrix,
especially in hematite that directly coats bone surfaces. Examination of thin
sections of hematite under reflected light reveals a fibrous fabric similar to
that displayed by fibrous micrite (Fig. 3). This observation indicates that
partial replacement of fibrous micrite by hematite may have occurred.

These hematites very likely precipitated after the formation of fibrous mi-
crite (Microcodium-like structure).

Petrographic examination reveals that hematite and micrite are essen-
tially cogenetic, and that both precede formation of equant spar. Micrite,
particularly the fibrous micrite, is often seen overgrown by hematite (Fig.
5A). Alternatively, thin layers of hematite on bone are occasionally over-
grown by micrite (Fig. 5B).

Detrital quartz and clay minerals are widespread in both hematite and
micritic calcite, but are not seen in equant spar, suggesting that hematite
and micrite formed in bulk soil matrix with some conservation of initial
volume, while spar formed in void spaces resulting from fracturing or from
removal of organic matter.

In summary, petrographic examination reveals that micrite, drusy calcite,
and hematite are nearly contemporaneous, perhaps with hematite dominat-
ing the later stages, followed by filling of remaining voids and fractures
by equant spar.
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FIG. 5.—Photomicrographs showing the overgrowth relationship among hematite
(H), micrite (M), bone spar (S1), fracture spar (S2), and bone (P). A) Micrite coated
by hematite that is overgrown by spar (thin section of fossil 80H7-8-3-A), cross-
polarized light; B) bone coated by hematite which is overgrown by micrite; bone
spar filling inter-trabecular spaces (thin section of fossil D1410-B), plane-polarized
light. Scale 5 0.3 mm.

FIG. 6.—SEM micrographs of hematite coating. A) Platy and wavy hematite crys-
tals (H) between detrital quartz grains (Q), scale 5 2.8 mm; B) slightly bent he-
matite crystals with voids in between, scale 5 0.28 mm.

TABLE 2.—Ranges, average values, and standard deviations of d18O and d13C of
the three different calcite generations on fossil coatings.

Calcite n

Range

d18O d13C

Average 6 1s

d18O d13C

micrite
bone spar
fracture spar

18
13
16

19.4 to 22.6‰
13.8 to 18.7‰
11.3 to 17.8‰

28.6 to 211.6‰
26.2 to 231.2‰

210.2 to 212.7‰

22.0 6 0.8‰
17.4 6 1.8‰
12.9 6 1.7‰

210.1 6 0.9‰
219.4 6 10.5‰
212.5 6 0.8‰

SEM Observation of Hematite Coatings

Hematite crystals have a general platy morphology. Layers of hematite
crystals are stacked and are parallel to each other locally (Fig. 6). Hematite
plates are mostly irregular and do not have a well-developed hexagonal
form. Most plates are somewhat curved or bent, resulting in enlarged and
irregular spaces (0.02–0.2 mm) between some platy crystals. No hematite
pseudomorphs after calcite, siderite, or clay minerals are observed.

Oxygen and Carbon Isotopes in Calcite

The ranges of d13C and d18O values for bulk micrite are 27 to 210.5‰
(x̄ 5 29.0‰, 1s 5 1.1‰, n 5 22) and 20 to 23.1‰ (x̄ 5 21.9‰, 1s
5 0.8‰, n 5 22), respectively. The ranges of carbon and oxygen isotope
values of calcite coatings are the same as those for micritic calcite from
soil carbonate nodules (Koch et al. 1995). We did not measure the isotopic
composition from bulk samples of equant spar from hematite or micrite
coatings on fossils. However, bulk data for sparry calcite from soil car-
bonate nodules reported by Koch et al. (1995) and Hepple (1995) are more
scattered, with d13C values ranging from 22.5 to 218.4‰ and d18O val-
ues from 13 to 22.8‰.

Because petrographic examination demonstrated that different genera-

tions of calcite are intimately mixed, it was necessary to microsample each
component to obtain pure isotopic compositions. Isotopic analysis reveals
three distinct phases of calcite formation: micrite, bone spar, and fracture
spar (Tables 1, 2; Fig. 7). Micrite microsamples from bones, including
those with fibrous fabric, exhibit a narrow range of isotopic values similar
to those for soil carbonates. Interestingly, the d18O value of recrystallized
micrite is similar to that of pristine micrite, on the basis of six microsamples
from three different fossil coatings. Likewise, two drusy calcite samples
obtained from one soil carbonate nodule are similar in isotopic composition
to the micrite they overlie. However, because of sampling resolution, we
have not been able to sample pure drusy calcite from fossil-coating min-
erals. Equant bone spar and fracture spar have d18O values about 4.4‰
and 9.7‰ more negative than those of micrite, and d13C values . 10‰
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FIG. 7.—Plot of d18O versus d13C for different calcite generations in coatings on
fossils from the Bighorn Basin, Wyoming.

and 2.3‰ more negative than those of micrite, respectively. Bone spar
shows a large range of d18O and d13C values. At one end, their values are
similar to fracture spar, while at the other end, they exhibit extremely low
d13C and intermediate d18O values (Fig. 7).

DISCUSSION

Hematite is common in modern soils, especially in tropical regions. It
occurs as a fine-grained mineral disseminated in the soil matrix, or as iron
oxide crusts and nodules in certain horizons. There are no reported recent
examples of iron oxide coatings on bone, except for red-brownish coatings
of unknown composition on some archaeological bones (B. Nicholson,
Brandon University, personal communication). The exclusive presence of
highly concentrated hematite on fossils suggests a genetic relationship be-
tween hematite and fossils. Soil conditions and climates may be important
factors in its genesis as well. We will discuss the following issues regarding
the genesis of hematite coatings: (1) sources of iron, (2) mode of formation,
(3) time of formation, (4) burial conditions, (5) possible geochemical sce-
narios for formation, and (6) pedogenic and paleoclimatic conditions that
contribute to hematite formation. Finally, we consider the implications of
these aspects of hematite genesis on the use of the oxygen isotope com-
position of hematite in paleoclimatic and paleohydrologic studies.

Sources of Iron

The iron in hematite coatings could be supplied by several different
sources, such as hydrothermal fluids, upwelling of reduced groundwater,
and dissolution and remobilization from iron-bearing minerals in the soil
parent material. A hydrothermal source is unlikely, because it cannot ex-
plain the sporadic, fossil-associated, and paleosol-specific presence of he-
matite coatings in the Bighorn Basin. Seasonal fluctuations in soil moisture
and associated change in redox conditions promote the release of iron ions
from iron-bearing minerals and early pedogenic iron oxides. Iron in solu-
tion, from either deeper groundwater or local dissolution, may be trans-
ported or diffuse vertically and laterally, and may ultimately precipitate at
oxidizing sites within the soil profile. Several lines of evidence support a
local source for iron in hematite.

Kraus and Aslan (1993) reported that various kinds of Bighorn Basin
paleosols have a high total iron content, with Fe2O3 ranging from 4 to 9
wt %. Magnetic separation of the clay fraction from the B horizon of a
typical Bighorn Basin paleosol demonstrates that iron-bearing chlorite is a
significant component. The proximity of these overbank fluvial deposits to
upland sediment source regions probably explains their richness in easily

weathered iron-bearing parent materials. Except for sandstone layers, iron
content is quite uniform in soil profiles. The presence of mottles demon-
strates that iron did migrate within paleosol horizons, but the overall uni-
formity of concentration within profiles indicates that little vertical remo-
bilization of iron occurred within buried stacks of paleosols (Kraus and
Aslan 1993). A groundwater source is less likely because coexisting pedo-
genic carbonates generally accumulate above the water table.

Given the average content of iron in bulk soil matrix (7 wt % Fe2O3),
the formation of 1 g of hematite coating (70 wt % Fe2O3) on bone would
require complete weathering of iron-bearing minerals in only 10 g of bulk
soil. Therefore, even in a situation where extensive lateral and vertical
transportation of iron is limited, the iron-rich soils adjacent to animal re-
mains can provide sufficient iron for precipitation of highly concentrated
hematite coatings. This hypothesis can be tested by examination of the
hematite-coated fossils in situ (though this test is not possible here because
our samples were obtained from museum collections). The iron content of
the soil matrix immediately adjacent to the hematite coating should be
lower than that at a distance, and the clay-mineral composition may be
different as well, if post-pedogenetic processes have not homogenized the
soil matrix.

Mode of Hematite Formation

The initial formation of soil iron oxides can proceed by at least two
different pathways in terms of the crystal forms of precipitated iron oxides:
(1) direct precipitation of iron-organic complexes or poorly crystalline iron
oxides, which age to more crystalline iron oxide phases by decomposition,
dehydration, or structural reorganization, and (2) dissolution and transfor-
mation of parent-rock silicates and kaolinite by iron oxides. The first path-
way is the most common and occurs in soils under many different climatic
regimes. These initial iron oxides mature to distinct final crystal forms and
mineralogies (hematite, goethite, or lepidocrocite) depending on chemical
conditions. The second pathway occurs mainly in tropical laterites. These
iron oxides tend to have high substitution of Al for Fe (5–14 mole % Al)
and they often occur as pseudomorphs of replaced silicates (Nahon 1986;
Nahon et al. 1989; Merino et al. 1993).

XRD reveals no significant Al substitution in Bighorn Basin hematite,
and no hematite pseudomorphs of silicate minerals are observed under
SEM. Instead, the bent hematite plates and the enlarged spaces between
plates suggest that a volume decrease may have occurred during the trans-
formation of a hydrated precursor phase (e.g., ferrihydrite) to hematite.
These observations support the conclusion that hematite coatings formed
via precipitation of a precursor phase, probably followed by dehydration,
and that they were not derived from transformation of parent-rock silicates
by pseudomorphic replacement. The unusual physical and chemical con-
ditions around bones are the source of the concentrations of iron oxides,
rather than an extended period of intense weathering.

Time of Formation

Petrographic and cathodoluminescence observations demonstrate that
micrite and drusy calcite form earlier than equant fracture spar, which is
probably a later precipitate formed at greater burial depths. The similarity
in stable-isotope composition between calcite coatings on fossils and soil
carbonate nodules indicate that, like micrite in carbonate nodules, micrite
in calcite coatings formed in a pedogenic environment. Mineral overgrowth
relationships further demonstrate that iron oxide and micrite are cogenetic,
and that both predate equant spar.

Overgrowth patterns indicate relative time of formation, but they do not
reveal whether iron oxide precipitation was limited to the surface environ-
ment or continued to greater burial depths. Isotopic data from microsamples
of different generations of calcite provide further constraints on the timing,
temperature, and possible depth of iron oxide precipitation. Using mean
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d18O values of 22‰ for micrite, 18‰ for bone spar, and 12‰ for fracture
spar, we can calculate the temperatures of the formation of equant spar
using

1000 lna 5 2.78 3 106/T2 22.89

(Friedman and O’Neil 1977), where a is the oxygen isotope fractionation
factor between calcite and water and T is temperature in K. We assume
(1) that micrite formed at temperatures between 108 and 208C, and (2) that
the d18O of formation water did not change between the time of micrite
formation and the time of spar formation. Using these assumptions the
calculated d18O of formation water is between 27.5 to 210‰, and bone
spar formed at a temperature between 28 and 408C, whereas fracture spar
formed at higher temperatures, between 60 and 808C. The first assumption
is based on independent paleoclimatic proxies, such as leaf physiognomy
and faunal and floral composition recorded in the basin across the Paleo-
cene/Eocene boundary (Wing et al. 1991; Wing et al. 1993). The second
assumption is less well supported. If water at depth was enriched in 18O
in comparison to surface water, our temperature estimate for the spar for-
mation would be too low, whereas if water at depth was 18O-depleted, our
estimated temperature would be higher than the actual temperature for spar
formation.

No information is available on the d18O evolution of deep brines in the
Bighorn Basin since the Paleocene. Present-day shallow groundwater d18O
values are 215 to 217‰ at Riverton, Wyoming, and 216.3‰ at Douglas,
Wyoming (Narasimhan et al. 1982; Lander 1991). However, the probable
direction of any change in d18O of formation water with depth can be
constrained by examination of modern soil carbonates. Deep vadose waters
generally have d18O values close to the mean annual meteoric value for a
region (Yonge et al. 1985). Recent studies have demonstrated that the d18O
of soil water in equilibrium with modern soil carbonate is usually 2–10‰
heavier than that of local average meteoric water, depending on the climatic
regime (Schlesinger 1985; Quade et al. 1989; Marion et al. 1991; Liu et
al. 1996). The effect has been attributed to evaporative 16O loss and/or a
warm-season bias in soil carbonate formation. It is possible, therefore, that
the d18O of water in equilibrium with ancient micrites is several per mil
more positive than that of water at depth in equilibrium with spar. If we
assume a 3‰ enrichment of soil water relative to deep water (the average
enrichment for modern soils in upper midwestern North America; Cerling
and Wang 1996), we calculate formation temperatures of 14–258C for bone
spar and 44–588C for fracture spar, respectively. The temperature estimates
for bone spar, which overgrows hematite, constrain iron oxide formation
to the near-surface environment, which is cooler and shallower than the
site of fracture-spar formation.

The very negative d13C values of bone spar suggest an origin related to
sources of organic carbon. Several fractionation processes associated with
organic-matter degradation can provide 13C-depleted HCO3

2 for incorpo-
ration into bone spar. According to Irwin et al. (1977), bacterial aerobic
oxidation, nitrate and iron reduction, and bacterial anaerobic sulfate reduc-
tion can all produce HCO3

2 with d13C value of ; 225‰ in a C3 plant
environment. Extremely 13C-depleted HCO3

2 (as low as 275‰) can come
from bacterial methane oxidation. On the other hand, bacterial methano-
genic fermentation can provide rather 13C-enriched HCO3

2 (115‰) when
13C-depleted methane is produced. Atmospheric CO2 is also another rela-
tively 13C-enriched source (; 27‰) for bone spar. Therefore, the large
variation in the observed d13C of bone spar (from 26‰ to 232‰) sug-
gests that different mixing ratios of the various HCO3

2 sources inside bone
may have been responsible. Because the very negative d13C values have
not been found in fracture spar, it is less likely that a later basinwide
negative d13C source (such as CO2 from thermally induced decarboxyla-
tion) is the cause of the observed bone spar d13C values. Our current data
do not supply a full explanation of these carbon isotope variations or the
exact source of 13C-depleted carbon for bone spar. Nevertheless, the pos-
sible fractionation processes that provide 13C-depleted HCO3

2 for bone

spar must have operated relatively close to the surface during the early
stages of diagenesis, when there was still significant organic-matter decom-
position.

Therefore overgrowth and isotopic data for different generations of cal-
cite demonstrate that hematite formed early, in the near-surface environ-
ment. This conclusion is consistent with the observation that iron oxide
formation requires oxidizing conditions with O2 as electron acceptor (Gar-
rels and Christ 1965). While anoxic conditions normally hold only a few
centimeters below the sea floor in marine sediments, oxidizing conditions
can persist to much greater depths in continental sediments, particularly
those that are organic-poor (Winograd and Robertson 1982). However, ox-
idizing groundwater is uncommon and is largely confined to actively re-
charged, sandy aquifers, because O2 is often consumed in near-surface sed-
iments by oxidation of organic matter and mafic minerals (Retallack 1991).
It is difficult, therefore, to understand how oxidizing conditions, sufficient
for the formation of highly concentrated hematite coatings, could exist at
great depths in these clayey, organic-rich, hydromorphic soils in the Big-
horn Basin.

Because this study was conducted on museum specimens, we were not
able to sample hematite-encrusted fossils in situ from paleosols. We were
concerned, therefore, that hematite coatings might have formed by recent
weathering processes, when fossils were near the modern soil surface. Sev-
eral lines of evidence preclude this possibility. The overgrowth of hematite
by spar, which has a deep-burial origin, suggests that hematite was once
deeply buried too. Study of vertebrate-fossil-bearing paleosols suggests that
the time between exhumation and reburial or destruction of fossils is about
3–6 years in areas not covered by lag deposits or in excess of 10 years in
areas where large lags occur (Bown and Kraus 1981b). It is difficult to
form highly concentrated hematite coatings in such a short time in the
highly erosional and arid badlands. Remnant mineral should be detected if
the hematite coatings were transformed from an early mineral coating (e.g.,
siderite) by recent weathering. Large amounts of amorphous and poorly
crystalline iron oxide would be expected in XRD analysis if hematite coat-
ings were currently forming. However, no evidence of recent mineral trans-
formation is found, and amorphous or poorly crystalline iron oxides are
insignificant. We conclude, therefore, that recent formation of hematite is
not convincing.

Burial Conditions

Sedimentary evidence suggests that regional epeirogenic uplift of the
Bighorn Basin occurred in the late Oligocene or early Miocene, initiating
erosional conditions and ultimately exposing the Paleocene/Eocene paleo-
sols (Bown 1980). These paleosols may have been buried more than 1500
m below the surface in some parts of the basin. However, no definite
information on burial depth or duration of deep burial is available.

We can calculate the maximum burial depths of the paleosols at the time
of spar formation based on the geothermal gradient. According to apatite
fission-track data, the maximum geothermal gradient permitted by thermal
histories during post-Laramide time is 178C/km, similar to the current geo-
thermal gradient in this part of Wyoming, indicating that a low geothermal
gradient has prevailed since the formation of Paleocene and Eocene soils
(Omar et al. 1994). Using the estimated formation temperatures calculated
above (which assume a 3‰ evaporative enrichment for micrite formation
waters), the bone spar formed at depths of 235–295 m, and fracture spar
formed at depths of 2000–2235 m. These inferred depths are quite sensitive
to the assumed difference in d18O between surface water for micrite for-
mation and deep water for spar formation. A higher 18O enrichment for
surface water would result in a shallower depth estimate for spar formation.

The clay-mineral composition of paleosols provides another line of ev-
idence regarding burial conditions. The smectite-to-illite transition is ki-
netically controlled and is a function of time and temperature, as well as
availability of potassium. The transition has been used as a geothermometer
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to constrain the upper temperature limit of diagenetic or metamorphic pro-
cesses (Hoffman and Hower 1979; Moore and Reynolds 1989; Pollastro
1990; Eberl 1993; Eberl et al. 1993). Paleosols in the Bighorn Basin have
ample potassium (Kraus and Aslan 1993), and have been buried for 52
million years. Obviously, the illite/smectite clay-mineral data reveal mini-
mal transition during this long interval. The lack of clay-mineral transfor-
mation suggests burial temperatures less than 708C or a burial depth less
than 2000 m, according to Hower (1981).

In hydrothermal systems, hematite can form through thermal dehydration
of iron salts or a crystalline iron oxyhydroxide such as goethite (e.g.,
2FeOOH → Fe2O3 1 H2O). High-temperature hematite usually has a large
(1–3 mm) hexagonal plate crystal morphology (Schwertmann and Cornell
1991), which is not seen in hematite coatings. Furthermore hydrothermal
hematite should occur in a pattern related to tectonic structures, rather than
in a pattern controlled by conditions of paleosol formation.

Geochemistry

The association between hematite and fossils is intriguing. As explained
by Bown and Kraus (1981a), ‘‘they [hematite coatings] indicate local ox-
idizing conditions, and in Class A gray mudstones and related bone-bearing
units, probably reflect oxidation and dehydration of amorphous ferrous iron
compounds that were deposited on the bones’’. No geochemical explana-
tion, however, has been provided for the exclusive association of hematite
and fossils. In this section, we try to provide possible geochemical scenar-
ios for the preferential precipitation of hematite on fossils. We admit at the
outset that further experimental study is needed to elucidate these processes.

During decomposition of animals a variety of organic acids are released,
and a general acidic condition prevails that seems unfavorable for calcite
precipitation. The presence of many calcite coatings on fossils may, how-
ever, be best explained by the models proposed by Weeks (1953) and
Berner (1968, 1969). Rapid formation of bases adjacent to the decaying
body may locally increase pH and induce precipitation of calcite. The bases,
ammonia and volatile amines, are produced by deamination and decarbox-
ylation of amino acids.

The early acidic condition and the large amount of organic acids present
can greatly enhance the weathering rate of minerals in soil horizon, such
as the Class A gray mudstones where animal remains were buried (Robert
and Berthelin 1986). Iron-bearing minerals such as micas are among the
minerals most susceptible to attack by organic acids (Tan 1986, 1989;
Heyes and Moore 1992). Acid-enhanced weathering may have resulted in
the release of large amounts of Fe(II) and Fe(III) from the iron-rich Bighorn
Basin soil parent materials.

There are at least three probable mechanisms for preferential accumu-
lation of iron ions around bones. First, the calcite that formed early on
bones, and possibly bone apatite itself, may act as a favorable substrate for
iron-oxide precipitation. Iron oxide is precipitated rapidly at elevated pH
(Garrels and Christ 1965; Johnson and Swett 1974). A high pH may be
present around bone in a generally acidic soil environment because of (1)
the continued release of bases by decay processes and (2) the pH buffering
role of calcite and apatite.

Second, released iron ions may not precipitate as iron oxides initially.
Iron-organic complexes are probably the most common iron compounds in
soils (Schwertmann et al. 1986; McKeague et al. 1986). The insoluble
forms of iron–organic compounds tend to precipitate on mineral surfaces
because of saturation of the organo-metal complexes (De Coninck 1980).
It is, therefore, possible that iron may have accumulated first as iron–or-
ganic complexes around animal remains, and then was further oxidized to
a stable oxide phase (Schwertmann and Fischer 1973; McKeague at al.
1986). Because O2 is required for the subsequent oxidation of iron–organic
complexes to iron oxides, this transformation should have occurred before
animal remains were buried below the oxidizing zone in soils. The for-
mation of insoluble iron–organic complexes around bones, as well as the

formation of a solid iron-oxide phase in the first scenario, may have created
a diffusion gradient that facilitated transport of additional iron ions to these
sites of iron accumulation.

Third, as mentioned by Bown and Kraus (1981a), the initial precipitates
around bones may have been ferrous iron compounds that were subse-
quently oxidized to ferric oxides. Siderite (FeCO3) may precipitate on
bones in HCO3

2-rich environments when conditions are slightly reducing
(suboxic zone) or strongly reducing (methanogenic zone) (Mozley and
Wersin 1992). This scenario is less likely because XRD and SEM exami-
nations of hematite coatings reveal no traces of siderite or hematite pseu-
domorphs after siderite. If siderite did form in the early stages of soil
development, it must have been completely dissolved and reprecipitated as
iron oxide soon after oxidizing conditions prevailed in soils.

Goethite, a common iron-oxide phase in many soils, was not detected
on our bone samples, but has been reported coexisting with hematite coat-
ings on some Bighorn Basin bones (Bown and Kraus 1981a). The predom-
inance of hematite on fossils in the Bighorn Basin is probably due to the
abundance of calcite and HCO3

2, which can inhibit the precipitation of
goethite (Schwertmann and Cornell 1991).

Pedogenic and Paleoclimatic Controls on Hematite Formation

By analogy to modern soils, the accumulation of iron oxides in soils
suggests generally wet soil conditions with at least moderate seasonal dif-
ferences in soil moisture. However, iron-oxide coatings on vertebrate fos-
sils are not ubiquitous in all depositional settings and times in earth history.
The physical and chemical processes associated with decaying animals, a
particular combination of sedimentation rates and soil processes, and Pa-
leocene/Eocene climatic conditions in the Bighorn Basin must have acted
in concert to provide an extremely favorable environment for hematite pre-
cipitation. The key features of soil and climate that may have contributed
to the formation of hematite coating are (1) iron-rich soil parent materials,
(2) hydromorphic soils (Bown and Kraus 1981a; Kraus and Aslan 1993),
(3) warm temperature (Wing et al. 1991; Wolfe 1994; Greenwood and
Wing 1995), (4) alternating wet/dry conditions and fluctuating water tables
(Bown and Kraus 1981a; Kraus and Aslan 1993), (5) episodic flooding or
rapid crevasse-splay deposition, which limited the time of soil development
(Kraus 1987), and (6) favorable taphonomic conditions (i.e., bones mostly
unweathered or rarely in advanced stages of decomposition when buried)
(Bown and Kraus 1981b).

Implications For Paleoclimatic Reconstruction

The same two major generations of calcite (early micrite, later spar) are
also observed in carbonate nodules from the Bighorn Basin. According to
CL observations, recrystallized micrite is often as nonluminescent as mi-
crite, indicating that recrystallization is an early transformation process that
occurred in a setting similar to that of micrite formation. The recrystallized
micrite probably retains an original soil-water signal, as suggested by our
microsample data. Two of the drusy calcite samples from one soil carbonate
nodule have isotopic values similar to micrite, but drusy calcite exhibits a
range of luminescence. Equant spars exhibit a distinct brownish lumines-
cence, and there is no obvious difference in luminescence between the two
isotopically different spars (bone spar and fracture spar). CL observation
is an effective tool for distinguishing different calcite generations but not
for identifying materials with different carbon and oxygen isotope values.
To make inferences about environmental conditions at the surface, only
isotopic data from micrite and, perhaps, drusy calcite, should be used.

The d13C value of soil carbonate has widely been used as an indicator
of changes in vegetation and atmospheric (Cerling 1992; Cerling andPCO2

Quade 1993; Sinha and Stott 1994; Andrews et al. 1995; Ghosh et al. 1995;
Mora et al. 1996). Yet the d13C of calcite is not identical between the
different generations of calcite. For example, bone spar has very negative
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d13C values. The fracture spar, which is more common in soil nodules, has
d13C values ; 2‰ lower than micrite from the same carbonate nodule.
Heterogeneity of soil carbonates due to diagenesis has also been reported
(Monger et al. 1991; Deutz et al. 1995). Careful petrographic examination,
together with microsampling from polished thin sections, should be un-
dertaken in future carbon isotope studies employing soil carbonates.

Although the oxygen-isotope composition of paleosol carbonate has been
used as a rough indicator of paleoclimatic change in a number of studies
(Quade et al. 1989; Humphery and Ferring 1994; Ghosh et al. 1995; Koch
et al. 1995; Liu et al. 1996), there are substantial uncertainties associated
with the estimates of the d18O of meteoric water derived from this method.
Three major problems are associated with application of the d18O of pedo-
genic calcite in paleoclimatic studies. (1) The d18O of calcite is determined
by two variables: temperature, through its effect on a, and the d18O of
water. (2) It is difficult to quantify or constrain the potential effects of
evaporation or seasonal changes in soil water composition. (3) As dem-
onstrated above, pedogenic calcite is frequently intermixed at a fine scale
with diagenetic spar that has a very different d18O value. The potential for
contamination by this diagenetic spar is great unless extreme care is taken
in sample collection.

Hematite coatings provide a proxy for the d18O of soil water that is more
robust in terms of all three problems affecting pedogenic calcite. Petro-
graphic examination, clay-mineral analysis, and isotopic data reveal that
hematite coatings on bone are pedogenic or shallow-burial products. There
is no evidence for later formation of hematite in deep burial environments.
Also, several studies have demonstrated that hematite is highly retentive
of its original isotope composition. Becker and Clayton (1976) suggested
that hematite underwent negligible isotope exchange with coexisting min-
erals in a Precambrian banded iron formation in Western Australia, while
quartz and carbonates had almost completely equilibrated with one another
at estimated temperatures of 270–3108C. Yapp’s (1991) experiments un-
covered no isotopic exchange between water and goethite over many hours
in boiling 5 M NaOH solutions.

As mentioned above, evaporative and/or seasonal effects can have a sig-
nificant impact on the d18O of soil carbonates (Quade et al. 1989; Marion
et al. 1991; Liu et al. 1996). It is likely that typical soil carbonates form
in equilibrium with soil pore fluids that are 18O-enriched relative to me-
teoric water, though these effects have not been the subject of long-term
systematic study (Cerling and Quade 1993). Even less is known about the
water signal that is recorded by pedogenic iron oxides. For example, it is
unknown whether soil oxides equilibrate with waters that reflect the long-
term average, mean annual, summer, or rainy-season d18O values, and there
are few studies of the d18O of modern soil iron oxides and local meteoric
water (see Bird et al. 1992 and Yapp 1997 for exceptions). It is also pos-
sible that different types of pedogenic iron oxides have different relations
to local meteoric water because of the difference in formation conditions
and pathways. For example, goethite from lateritic regolith may be 18O-
enriched because of evaporation (Bird et al. 1992).

However, pedogenic iron oxides typically transform from poorly crys-
talline materials to highly crystalline minerals over a period of several
thousand years (McFadden and Hendricks 1985; Fitzpatrick 1988; Schwert-
mann and Taylor 1989; Aniku and Singer 1990; Merritts et al. 1991). If
the initial iron-oxide precipitates are quickly buried because of rapid sed-
imentation, long-term aging, which may involve dissolution and reprecip-
itation, may erase short-term seasonal and interannual variability in soil
water, such that iron oxides retain a record of long-term average d18O
values of shallow surface water.

Judging by the time and depth constraints on hematite formation deduced
from petrographic and isotopic data, the water signal recorded by hematite
coatings could be a long-term average of soil water and ground water at
shallow burial depths (certainly less than 200 m) that represents an average
signal of local meteoric precipitation. On the other hand, the presence of
soil carbonate may have facilitated rapid crystallization of iron oxide during

early stages of pedogenesis, such that hematite may have formed from
solutions of evaporatively 18O-enriched soil water. In the absence of in-
dependent evidence, it is imperative to understand the relationships among
calcite, iron oxide, and water isotopic signals in modern soils.

CONCLUSIONS

We have proposed an interpretation for the formation of hematite coat-
ings on vertebrate fossils, on the basis of Paleocene/Eocene samples from
the Bighorn Basin, Wyoming. Evidence from field occurrence, petrographic
examination, clay mineralogy, and stable-isotope analysis of coexisting cal-
cite generations suggests that hematite coatings are a pedogenic to shallow-
burial product and have experienced no more than 708C burial temperatures
during their 52 million year burial history. This early origin, coupled with
their resistance to diagenetic alteration, make hematite coatings an ideal
mineral for continental paleoclimate research. The primary inferred geo-
chemical processes involved in the genesis of hematite coatings are decom-
position of animal tissues, which enhances the release of iron from iron-
rich minerals in adjacent soils, and the role of soil carbonate and bone
mineral as buffers, which provide a stable microevironment for precipita-
tion of hematite around bones.
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